Phase equilibrium experiments were performed in the MgO-SiO 2 -H 2 O system, along with fluorine (MSH + F), at conditions between 800-1000 °C and 2.0-2.5 GPa to constrain the solubility of fluorine in humite-group minerals and to determine fluorine partitioning between humite-group minerals and aqueous fluid. Fluorine solubility in humite-group minerals ranges between ~ 1 and 11 wt% F and is dependent on the salinity of the fluid (~ 0.2-3.5 wt% F), indicating that humitegroup minerals have exceedingly high saturation limits for F and that a full solid solution between F − and OH − is possible within the crystal structure. Raman spectroscopy reveals the preferential ordering of F, promoting the formation of a stable OH-F bond. Mineral-fluid partition coefficients are always greater than unity, with average coefficients of D F clinohumite/fluid = 3, D F humite/fluid = 2, D F chondrodite/fluid = 4, and D F norbergite/fluid = 4. Partition coefficients are independent of pressure or temperature, but decrease with increasing fluid salinity. Fluorine is, therefore, highly soluble and compatible within this group of ultramafic mantle minerals. High solubility and mineral-fluid partition coefficients, together with wide stability fields in pressure and temperature space, demonstrate that humite-group minerals are potential storage sites for F, and by extension H 2 O, during subduction. Upon the breakdown of less stable hydrous and/or fluorine-rich phases during lower grades of subduction zone metamorphism, fluorine may redistribute into phases such as humite-group minerals and be transported beyond the volcanic arc and to the upper mantle.
Introduction
Owing to increasing ionic radii from F to I, halogen elements display a range from mildly incompatible (F) to highly incompatible (I) behaviour within silicate minerals. This incompatible nature, coupled with their volatile behaviour, implies that halogen elements will preferentially enter silicate melts and aqueous fluids during geological processes such as melting, degassing, and dehydration reactions. Bureau et al. (2010) , Dalou et al. (2012) and Bureau et al. (2016) have shown experimentally that halogens show strong partitioning into silicate melts and fluid phases at conditions typical of the upper mantle. The incompatible nature of halogen elements suggests that they should not be fractionated from one another during these processes, and therefore, they make for ideal tracers of volatile transport between major geological reservoirs (Schilling et al. 1980; Ito et al. 1983; Jambon et al. 1995) .
Numerous studies have been carried out to date, both experimentally and on the analysis of natural samples, to quantify the halogen content in major geological reservoirs and to constrain halogen solubility in and partitioning between melts, fluids, and major mantle minerals (e.g., Bernini et al. 2013; Hughes et al. 2018; Kendrick et al. 2018) . These types of studies aim to better understand halogen and volatile mobility during subduction through constraining halogen fluxes in vs. fluxes out. The behaviour of F does not follow the heavier halogens, and it is argued to remain bound within the descending slab throughout subduction, as opposed to recycled via arc volcanism (e.g., Straub and Layne 2003) . The quantity of fluorine that can be transported beyond the volcanic arc, and in which minerals it can be effectively hosted during subduction, however, is not well established. Hydrous minerals such as amphibole, mica, and serpentine are postulated to be important carriers of halogen elements in subduction zones, and although these minerals are stable within the descending slab (Schmidt and Poli 2014) , they eventually break down at ~ 200 km or less, depending on the geotherm of the slab. This suggests that other minerals may play a more important role in the transport of F to the deeper mantle, beyond the stability of amphibole and serpentine. Humite-group minerals (HGM)-clinohumite, humite, chondrodite, and norbergite-are one such set of minerals.
HGM have a structure that consists of alternating layers of olivine and brucite and have the general formula nM 2 SiO 4• M(OH,F) 2 , where M is Mg, Fe 2+ , or Mn, and n = 1, 2, 3, 4 for norbergite, chondrodite, humite, and clinohumite, respectively. They are common accessory phases in hydrated ultramafic material (Engi and Lindsley 1980; Trommsdorff and Evans 1980; Evans and Trommsdorff 1983) and, importantly, exhibit wide stability fields in pressure-temperature space (Fig. 1) . Their stability fields may also be expanded through the incorporation of small quantities of F (Ulmer and Trommsdorff 1999; Stalder and Ulmer 2001) , allowing HGM to crystallise at shallow depths of subduction and remain stable down to transition zone conditions (Grützner et al. 2017) . Few other hydrous silicate minerals show such ranges in pressure and temperature space. This suggests that HGM could be important in the storage and delivery of F, H 2 O, and other volatile elements to the deeper mantle. However, HGM will only form in the appropriate bulk composition. The average mantle composition lies on the SiO 2 side of the forsterite-H 2 O tie line, between forsterite and enstatite ( Fig. 2) . Since HGM lie along the forsterite-brucite tie line, they will not be stable in normal mantle compositions. Mantle compositions, however, are not expected to be homogeneous, especially at tectonic regions such as subduction zones, and occurrences of HGM in natural samples worldwide are common. Therefore, Mg-rich/Si-poor domains within the mantle are undoubtedly present, and will allow the formation and existence of HGM as common accessory minerals in ultramafic material.
Little experimental work has been carried out to date on F partitioning between HGM and aqueous fluids at conditions relevant to subduction zones. Experimental studies that have been carried out have reported varying results, with Bernini et al. (2013) , suggesting that F generally prefers to enter the fluid phase over HGM, while Wu and Koga (2013) suggest that F has a strong preference for HGM over the fluid phase. The two respective studies were conducted at low (Wu and Koga 2013) and high (Bernini et al. 2013 ) fluid salinities, which may explain the discrepancy. Therefore, to address the differences, this study presents new experimental results on the solubility of F in HGM and partition coefficients for F Fig. 1 Petrogenetic grid showing the expansion of the thermal stability of clinohumite with increasing pressure. Created using Perple_X (Connolly, 2009 between HGM and aqueous fluids, in experiments ranging from low-to high-fluid salinities.
Materials and experimental and analytical methods

Starting materials
Experiments were conducted in the Fe-free MgO-SiO 2 -H 2 O system plus F (MSH + F) (Fig. 2) . Starting materials were reagent grade Mg(OH) 2 and ground SiO 2 glass in the molar ratio corresponding to a bulk starting material of the OH-end member HGM, i.e., 3:1 = norbergite (norb), 5:2 = chondrodite (chon), 7:3 = humite (hum), and 9:4 = clinohumite (chum). Fluorine was added to experiments by substituting a small proportion of the Mg(OH) 2 Table 1 . This method of adding halogens ensured that the correct molar Mg/Si ratio for the respective HGM was maintained, minimising the chance for any excess phase(s) to form that could affect the activity of H 2 O in the experimental run and the subsequent derived partition coefficients. All starting mixtures were more H 2 O rich than the respective HGM. However, there are no stable phases on the H 2 O side of the brucite-forsterite tie line at the synthesis conditions (Fig. 2) , so this excess H 2 O does not pose a problem (e.g., Pawley 2000) . The excess H 2 O will, in fact, have the beneficial effect of enhancing both the rate of reaction and the crystallinity of the run product. All 
Experimental apparatus
Starting materials were placed in annealed Pt capsules of 2 mm diameter and 7 mm length, which were then welded shut using a TIG welder. As experimental runs used solid starting materials for both H 2 O and halogens, the risk of volatile loss during welding was negligible. However, the weighing of all capsules both before and after welding was performed to confirm that no volatile loss occurred prior to commencing the experiments. All experiments were performed using an end-loaded Boyd and England-type piston cylinder apparatus (Boyd and England 1960) . The cylindrical pressure assembly consisted (from outside to inside) of lead foil wrapped around an NaCl cell, with a graphite furnace of 6 mm diameter and inner pieces comprising crushable alumina rods and sleeve. The platinum capsules were then placed in one of two orientations, depending on experiment type. For single-capsule experiments, the capsule was placed perpendicular to the length of the alumina sleeve, at the hottest part of the furnace. For multi-capsule experiments, three capsules were placed parallel to the length of the alumina sleeve, with the mid-point of the capsules at the hottest part of the furnace. In both orientations, the capsules were separated from the Pt/PtRh thermocouple tip by a 0.6 mm thick corundum disc to avoid puncturing the capsules during the run. All experiments were run using the "hot piston-out" method, where pressurisation above the target pressure was followed by heating and then the bleeding of excess pressure back to the target conditions. This method is used to minimise friction, so that a pressure correction is not necessary. Pressure was calibrated against the quartz-coesite transition data of Bohlen and Boettcher (1982) , with an uncertainty of ± 0.05 GPa. Temperature was controlled to ± 1 °C using a Eurotherm temperature controller. The effect of pressure on thermocouple e.m.f. was ignored.
Analysis of run products
Run products were examined optically, by powder X-ray diffraction (XRD) and by Raman spectroscopy to identify the run products. In most experimental runs, XRD patterns showed the presence of appreciable forsterite and/or enstatite in addition to the HGM. Rietveld refinement was performed, using TOPAS software, on all run products to quantify the abundances of each solid phase, as this is important when performing mass balance calculations. Samples were then mounted in epoxy for analysis under the electron probe micro-analyser (EPMA). The F content of the coexisting fluid was calculated via mass balance. The mass balance used the bulk composition of the run, the compositions and proportions of the solid phases and the fraction of fluid (see Supplementary Material for details).
Electron probe micro-analysis
Analysis of Si, Mg, and F was carried out with a Cameca SX100 electron microprobe, using wavelength-dispersive spectrometry (WDS). Analysis conditions were 15 kV accelerating voltage and 20 nA beam current. Counting was conducted on Kα lines for all elements with 60 s count times to derive accurate Mg/Si ratios for HGM identification. A PC0 (pseudo-crystal) was used for the analysis of F to enhance the peak resolution and counts compared to TAP crystals. As the experimental system was Fe-free, the interference from the Fe Lα peak on the F Kα peak is not a concern, and pulse height analysis (PHA) settings minimised the interference of the Mg Kα peak. Detection limits for F using this analytical setup were ~ 500 ppm. Quantification standards used were wollastonite (Si), periclase (Mg), and apatite/fluorite (F) (see Supplementary Material for more details of F analysis). Stoichiometry was handled automatically by adding the appropriate number of oxygen atoms to a pre-determined list of element valences. Mineral formulae were re-calculated using 4(O) forsterite, 5(O) norbergite, 6(O) enstatite, 9(O) chondrodite, 13(O) humite, and 17(O) clinohumite. Matrix corrections used the x-phi method. Relative uncertainties (1σ) associated with Mg and Si measurements are 1%. For F concentrations < 1 wt%, 1σ uncertainties are 6%, while for F concentrations > 1 wt%, 1σ uncertainties are 3%.
Raman spectroscopy
Laser Raman measurements on HGM were acquired using a Horiba XploRA PLUS spectrometer equipped with an electron-multiplying charge-coupled device (EMCCD) detector. A solid-state laser, set to a wavelength of 532 nm, was used to excite Raman scattering. Raman spectra for HGM were obtained by averaging 5 spectra acquired with a count time of 20 s, for shift ranges of 200-1200 cm −1 (aluminosilicate framework domain) and 3000-4000 cm −1 (OH-stretching domain), relative to the wavelength of the laser.
Results
Experimental run conditions and products are presented in Table 1 . Experimental runs produced phase assemblages consisting of mixtures of HGM or HGM plus forsterite or enstatite, along with an aqueous fluid. The aqueous fluid was lost during retrieval of the sample, and so, its chemical composition and abundance were derived via mass balance calculations. HGM are generally well crystallised, 30-250 μm in size, and show sub-to-euhedral shapes (Fig. 3) . No halogen-rich quenched solute phases were observed during EPMA analysis.
The quantity of forsterite in each run was dependent on the amount of F in the starting mixture. At < 1.5 wt% F in the starting mixture, experiments crystallised up to 30% forsterite coexisting with HGM (Table 1) . At > 1.5 wt% F, forsterite was present as only a few percent of the phase assemblage. The crystallisation of small quantities of enstatite with HGM occurred only in runs containing high concentrations of F in the starting mixture (Table 1 ). In addition, a large quantity of F in one of the clinohumite starting mixtures (Run F19, Table 1 ) promoted the crystallisation of multiple F-bearing HGM, rather than a single, F-rich clinohumite. No pressure or temperature dependence on phase assemblages or proportions was observed. In all experimental runs, HGM are solid solutions between F-and OH-rich end members, and major element compositions (Mg/Si ratios) correspond closely to the ideal stoichiometric formulae of forsterite (2:1), enstatite (1:1), clinohumite (9:4), humite (7:3), chondrodite (5:2), and norbergite (3:1).
The fluorine content in forsterite and enstatite is below the EPMA detection limit of this study (~ 500 ppm) and, therefore, has a negligible effect on the mass balance of F and is not considered in calculations. Fluorine concentrations in HGM, in contrast, are always at weight percent levels. Fluorine concentrations in HGM vary as follows (Table 2) : clinohumite (0.84-3.65 wt% F; molar F/(F + OH) = X F = 0.15-0.64), humite (3.94-4.01 wt% F; X F = 0.49-0.51), chondrodite (3.69-8.62 wt% F; X F = 0.35-0.81), and norbergite (11.13 wt% F; X F = 0.62). Calculated F concentrations in the coexisting aqueous fluids are always lower than the F content of HGM (Table 2) . After the first two experiments, with both repeat and new starting mixtures, universal indicator paper showed that upon piercing of the experimental charge, the aqueous fluid had a neutral pH (green). A neutral pH indicates that the coexisting fluid contained little F, which is consistent with mass balance calculations. Careful weighing before and after opening capsules revealed that the quantity of fluid released was consistent with the expected residual fluid amount based on the bulk H 2 O content of the starting mixture. Therefore, diffusive water loss from the Pt capsule during runs is considered negligible. Figure 4 shows how the solubility of F within clinohumite and chondrodite increases with fluid salinity. It can be seen that the F concentration in clinohumite initially increases linearly with fluid salinity, but there is a curvature to the trend at higher fluid salinities, suggesting that F contents are approaching saturation. The data for chondrodite are less well constrained than for clinohumite, with the highest salinity data point lying well below the trend of the other data. The roughly linear increase in F concentration in clinohumite and chondrodite with fluid salinities up to around 2 wt% F indicates that they can be reliably described using partition coefficients, as calculated in the following section.
Fluorine partition coefficients between HGM and aqueous fluid-D F hgm/fl -were calculated from the F concentrations and fluid salinities in Table 2 . Values from all experimental runs are higher than unity (Table 3) . D F chum/fl ranges from 1.1 to 4.9, with an average of 3; D F hum/fl ranges from 1.2 to 2.5, with an average of 2; D F chon/fl ranges from 1.4 to 7.3, with an average of 4; D F norb/fl is 4.4. The coexistence of multiple HGM in some experimental runs allows for the calculation of F-OH exchange coefficients between HGM. Table 3 shows that fluorine-hydroxyl exchange coefficients:
hgm are close to 1 and, therefore, indicate negligible fractionation of fluorine between HGM at conditions of 800-1000 °C and 2.0-2.5 GPa. Figure 5 shows that F partition coefficients decrease from ~ 5 to ~ 1 for clinohumite and ~ 7 to ~ 1 for chondrodite with increasing fluid salinity.
Figures 6 and 7 show Raman spectra for HGM with variable F content. Figure 6 shows that multiple spectra for the same HGM are similar within the aluminosilicate framework domain. All HGM share a similarity in their spectra at the low and high ends of the aluminosilicate framework domain, with three peaks observed between ~ 550 and 610 cm −1 and two peaks observed between ~ 930 and 970 cm −1 . Clinohumite (Fig. 6a ) additionally shows three Raman shift peaks at 830, 840, and 860 cm −1 . Chondrodite (Fig. 6b) shows two Raman shift peaks at 845 and 865 cm −1 , with the peak at 845 cm −1 almost obscuring the peak at 865 cm −1 . The Raman spectrum of humite (Fig. 6c) is similar to chondrodite, with peaks at 840 and 862 cm −1 ; however, the two peaks are similar in intensity, unlike those of chondrodite. Norbergite (Fig. 6d) has the simplest spectrum of the HGM, with a single Raman shift peak at 850 cm −1 . Figure 7a -c shows how the peaks in the OH-stretching region change with increasing F/OH ratio in clinohumite. Figure 7a shows that OH-clinohumite has two peaks, with the peak at 3525 cm −1 being slightly more intense than the peak at 3565 cm −1 . However, with increasing F/OH ratio (Fig. 7b, c) , the peak at 3525 cm −1 loses intensity, relative to the peak at 3565 cm −1 , until the OH-stretching region signal is lost in F-clinohumite. 
Discussion
Phase relations
The presence of forsterite or enstatite in the majority of our experiments, even though they used starting materials with MgO/SiO 2 ratios targeted to synthesise specific HGM, is consistent with the high F contents of the HGM. This can be seen in Fig. 8 , which shows the compositions of clinohumite, starting mixture, and fluid for three typical runs: F1, F4, and F12. For each run, the clinohumite-fluid tie line does not pass through the starting mixture, but is instead displaced to a higher value of F, resulting in the starting mixture lying in a three-phase triangle. Figure 8 also suggests that there may be some dissolution of an Mg-rich, F-poor component during the runs, since the phase proportions determined by mass balance (as shown in Fig. 8 ) contain slightly more forsterite than those obtained via XRD. The partial dissolution of MgO as well as SiO 2 in the fluid must be expected at the pressures and temperatures investigated in our experiments, but the total amount of dissolution cannot be quantified. No quench phase was detected optically, by Raman spectroscopy or by XRD.
In our experiments, F concentrations in HGM increase with fluid salinity (Fig. 4) , and increased F content in the nominal fluid promotes multiple HGM, as opposed to a single F-rich HGM. This appears to reflect the increasing stability and occurrence of F-rich HGM with increasing quantities of F in the system, as shown by the phase equilibrium studies of Duffy and Greenwood (1979) , Rice (1980a,b) and Weiss (1997) . These studies showed that phase relations involving HGM are complex, comprising multiple divariant and univariant reactions, with OH-HGM being metastable at relatively low pressure, relative to forsterite + brucite. With increasing F in the system, clinohumite, followed by chondrodite and then norbergite, become stable. Following the crystallisation of F-rich HGM, their eventual breakdown results in a series of continuous reactions over the range of hundreds of degrees Celsius, in which the crystallisation of further F-rich HGM occurs, i.e., clinohumite → chondrodite + forsterite or clinohumite → norbergite + forsterite.
The observed run products in this study show that, at an appropriate Mg/Si ratio, F-bearing clinohumite, humite, chondrodite, and norbergite are all stable at temperatures and pressures relevant to subduction zones. However, the crystallisation of substantial quantities of chondrodite and clinohumite in runs F15 and F17 (Table 1) , which had starting mixtures targeted to crystallise 100% humite and norbergite, suggests that the former two, monoclinic HGM, have wider stability fields than the latter two, orthorhombic HGM. This suggestion is consistent with the limited occurrences of humite and norbergite in natural samples worldwide, and humite and norbergite may in fact be metastable at the conditions of this study.
The coexistence of HGM with enstatite in F-rich runs (Table 1) is interesting, as Stalder and Ulmer (2001) showed that this assemblage is stable only above 4 GPa at the temperatures investigated in this study, reacting at lower pressures to forsterite + H 2 O. The experiments of Stalder and Ulmer (2001) were conducted with pure water, and it is, therefore, likely that in the presence of F, this reaction is shifted down in pressure, allowing HGM to coexist with These results and observations demonstrate that the presence of F has a significant effect on the phase relations of the MSH system in P-T space. Some of the runs in this study contain assemblages with four phases ( Table 1 ). Given that the MSH + F system is a simple four component system with no free oxygen phase nor redox reaction, this represents the maximum number of phases that can exist in equilibrium in a divariant field of P-T space without violating the phase rule. Runs resulting in three-phase assemblages will contain HGM that have F contents dictated by fluid composition. For runs resulting in four-phase assemblages, on the other hand, we cannot be certain that the F content of HGM is dictated solely by partitioning. Therefore, it is prudent to consider whether the F content of HGM in runs with four-phase assemblages is a function of P and T and dictated by the reactions, rather than strictly by fluid composition. In Figs. 5 and 6, data are separated into three-and four-phase assemblages. It would be expected that, if the F content of HGM was dictated by different factors based on three-vs. four-phase assemblages, data would lie on separate trends. Figures 5 and 6 show that data for both three-and four-phase assemblages lie on the same trend and, therefore, indicate that the distribution of F within HGM is the same, regardless of whether there are three or four equilibrium phases in an assemblage. Figure 4 shows that the saturation limit for F within the structure of clinohumite is being approached in experiments at high-fluid salinity. Therefore, it may be more appropriate to assess the incorporation of F within HGM in terms of distribution coefficients (Kd) of the exchange reaction between F-OH in the mineral with F-OH in the fluid, rather than partitioning. However, to present the data as distribution coefficients requires the calculation of the OH − concentration of the coexisting fluid at the conditions of the run, which is beyond the scope of this study. As we see a linear relationship between fluid salinity and F concentration in the HGM at the fluid salinities expected of natural systems (Fig. 4) , it is justifiable to assess the incorporation of F in HGM as if it is a partition coefficient.
Incorporation mechanisms and the ordering of fluorine in humite-group minerals
The ionic radius of fluorine is similar to that of the hydroxyl ion (~ 1.33 Å and 1.40 Å, respectively; Shannon 1976), with both having equal charge. This allows for efficient substitution of the OH − ion by F − into the structure of HGM, such that a solid solution exists between OH-and F-endmembers (e.g., Van Valkenburg 1961; Duffy and Greenwood, 1979; Rice 1980a, b) . Berry and James (2001) and Griffin et al. (2010) have shown that HGM contain two distinct, disordered proton sites (H1 and H2- Fig. 9a, b) within the crystal structure, with occupancy of around 50% at each site. The question arises, therefore, of how and where the substitution of OH − by F − is accomplished within HGM, and how F substitution interacts with the H1 and H2 proton sites. Bernini et al. (2013) and Wu and Koga (2013) Page 11 of 18 78
The presence of two peaks in the OH-stretching region of HGM (Fig. 7) corresponds to two, crystallographically distinct OH bonds within the crystal structure. This is consistent with the presence of two unique proton sites. The two bonds are described by Frost et al. (2007) as "long" and "short" bonds, with the two peaks attributed to the bonds' respective strengths relating to the distance between the brucite and adjacent olivine layer. The evolution of Raman spectra with increasing fluorine here (Fig. 7) , therefore, may provide insight into where and how F is ordered into the structure of HGM, with respect to the H1 and H2 sites. The loss in intensity of the 3525 cm −1 peak, relative to the 3565 cm −1 peak ( Fig. 7) with increasing F content, suggests that one of the two OH bonds is preferentially replaced with increasing fluorine incorporation, and that upon reaching fluorine content equivalent to an X F of 0.5 and, thus, 1 F p.f.u., the ordering of F − and OH − at the H sites within HGM attempts to achieve the existence of a single OH bond within the crystal structure, as depicted schematically in Fig. 9 . This suggestion is consistent with Griffin et al. (2010) who argue that with F incorporation, hydroxyl groups favour occupancy at the H1 site over the H2 site due to the formation of a stable OH-F hydrogen bond. Figure 7 shows that upon reaching X F = 0.50 in clinohumite, humite and chondrodite and X F = 0.60 in norbergite, a small portion of the 3525 cm −1 peak remains. This indicates that although there appears to be preferential ordering of H into the H1 site, it is not complete, and the H2 site can still contain small quantities of hydrogen at X F ≥ 0.50. Therefore, the Raman shift peak at 3525 cm −1 can be assigned to the H2 position, and the 3565 cm −1 peak can be assigned to the H1 position. The Raman shift peak at ~ 3610 cm −1 present in natural and synthetic clinohumite analysed by Ye et al. (2013) and Liu et al. (2019) was not observed in this study, neither in the OH-clinohumite Raman spectrum nor in the F-bearing clinohumite Raman spectrum (Fig. 7) . Kleppe and Jephcoat (2006) also did not observe the presence of a peak at ~ 3610 cm −1 in their Raman analysis of OH-clinohumite. Lin et al. (2000) and Ye et al. (2013) showed that the intensity of the 3610 cm −1 peak is extremely weak in their synthetic, pure Mg and Fe-bearing, and OH-end member clinohumite. This suggests that the 3610 cm −1 peak likely represents only a minor fraction of the total number of OH bonds within the crystal structure. The peak is likely attributed to H in Si-vacancies in the olivine module of the HGM, as this peak is common in spectra from experiments investigating water incorporation in olivine (e.g., Berry et al. 2005; Walker et al. 2007 ). (Fig. 7) show that the intensity of the 3525 cm −1 peak in HGM relative to the 3565 cm −1 peak is sensitive to the F/OH ratio of the mineral. This suggests that Raman spectra of HGM can be used to estimate their fluorine contents. The pattern of Raman spectra with increasing F content observed here is similar to FTIR results obtained by Koga et al. (2014) on a natural titanian-clinohumite, who showed that the OH-stretching region is sensitive to the F/OH ratio, such that the relative intensity of the peaks at 3528 cm −1 and 3565 cm −1 changes with increasing F content, as does the intensity of a band at 3390 cm −1
. They used the relationship between the intensity of the 3390 cm −1 band and the 3565 cm −1 band to derive an equation for quantifying the F content of clinohumite. However, the band at 3390 cm −1 observed by Koga et al. (2014) was not observed in this study, and is, therefore, likely to be associated with the TiH 2 Mg -1 substitution mechanism (Engi and Lindsley 1980) . Its absence in Ti-free samples means that the equation of Koga et al. (2014) is not appropriate for F-rich, Ti-poor clinohumite samples. The relationship between the intensity ratio of the 3525 cm −1 and 3565 cm −1 peaks with increasing F obtained in this study is shown in Fig. 10 and may be used as a more reliable approximation of the F content of 
The storage of fluorine and water within humite-group minerals during subduction
Our experiments demonstrate that partition coefficients for fluorine between HGM and aqueous fluid are high (Table 3) and that fluorine solubility in all HGM is at the several wt % level. Previous experimental research provided varying results with regard to the partitioning behaviour of F between HGM and aqueous fluids. Wu and Koga (2013) showed that norbergite and chondrodite have high F mineral-fluid partition coefficients, with average values of D F chon/fl = 34 and D F norb/fl = 81. In contrast, Bernini et al. (2013) showed that F showed a preference for the fluid phase over HGM, except for chondrodite, which showed variable partition coefficients from D F chon/fl < 1 to D F chon/fl > 1. These conflicting results may be related to the high nominal fluid salinities of the experiments by Bernini et al. (2013) . For example, in their experiment that showed D F chon/fl < 1, the nominal fluid had a salinity of ~ 34 wt% F, while experiments which produced D F chon/fl > 1 had a much lower nominal salinity (~ 2-4 wt% F). The low salinity chondrodite data of Bernini et al. (2013) match the results of Wu and Koga (2013) within one order of magnitude. Therefore, it is possible that the experiments of Bernini et al. (2013) with high nominal salinity exceeded the F saturation limit of chondrodite, and other HGM, causing the partition coefficient D F chon/fl to decrease with increasing fluid salinity, and resulting in F appearing incompatible in other HGM. Without low fluid salinity data for other HGM in the study by Bernini et al. (2013) , it is not possible to determine if they would follow the same trend, as does chondrodite. The results of this study match the results of Wu and Koga (2013) well (Fig. 5 ) and suggest that F displays a strong preference for HGM over aqueous fluids at conditions relevant to subduction zones. Calculated partition coefficients in this study, therefore, can be applied to natural systems to determine the fluorine content of the fluid that was in equilibrium with the HGM during crystallisation.
It was previously demonstrated that OH-HGM are ideal candidates for storing water in the upper mantle, as they have wide ranges in stability and can remain stable to 12 GPa, but eventually break down at temperatures of 1150 °C or lower (e.g., Yamamoto and Akimoto 1977; Wunder 1998; Pawley 2000; Stalder and Ulmer 2001) . A high crystallisation pressure of 2 GPa was argued by Wunder (1998) to limit the relevance of HGM in the storage of water in the upper mantle. Pawley (2000) , however, showed that the lower pressure limit of clinohumite is in fact closer to 1 GPa, and, therefore, that HGM will crystallise before significant dehydration of the subducting crust occurs. In addition, the substitution of even small amounts of OH − by F − will significantly increase HGM stability (Stalder and Ulmer 2001) , in agreement with experimental data on the substitution of OH − by F − in amphiboles, micas, and other hydrates (Holloway and Ford 1975; Foley 1991; Ulmer and Trommsdorff, 1999; Harlow 2002) . Weiss (1997) showed that F-clinohumite may remain stable up to 1450 °C at 3 GPa and, as mentioned previously, Van Valkenburg (1961) synthesised F-endmember humites at atmospheric pressure. This implies that the addition of F to HGM not only increases thermal stability, but also depresses the "humite-in" reaction to much lower pressures. As OH-endmember humites are rare in nature, it can be assumed that the majority of natural HGM will contain appreciable quantities of fluorine and/or titanium (e.g., Jones 1969; Evans and Trommsdorff 1983; Ehlers and Hoinkes 1987; Satish-Kumar and Niimi 1998) , such that natural HGM will be more stable than their OH counterparts. Grützner et al. (2017) conducted high-pressure experiments to assess the upper stability limits of F-bearing HGM and found that F-bearing HGM are indeed much more stable than their OH counterparts. They showed that clinohumite with even with small quantities of F, equivalent to X F = 0.25 (~ 1.5 wt% F), is stable to 1400 °C at a pressure of 10 GPa. This represents an increase in thermal stability of around 400 °C over OH-clinohumite. Furthermore, they showed that F-HGM have stability fields that extend to > 1780 °C at a pressure of 17 GPa. Their experiments show that the upper limit of stability of F-clinohumite is ~ 200 °C higher than the temperature of the mantle transition zone, assuming a normal mantle adiabat. Their high-temperature stability, therefore, should allow F-bearing HGM to remain stable not only to great depths within the subducting slab, but also within the hydrated mantle wedge above the subducting slab. As the mantle wedge is repeatedly fluxed with volatile-rich fluids and, depending on the geotherm, hydrous melts derived from the subducting slab, liberated volatiles such as F may redistribute into HGM that crystallise in the hydrated mantle wedge, and be carried down to the deeper mantle, along with the subducting slab, via viscous coupling (Tatsumi 1989) . Woodland et al. (2018) in fact showed, through experiments aiming to replicate the interaction between a subducting slab and overlying mantle wedge, that upon fluxing with F-bearing fluid derived from underlying sedimentary material, HGM crystallised within the overlying peridotite, at the contact zone between the two lithologies. Previously, HGM were argued to be limited to Mg-rich domains within the mantle (Wunder 1998 ), due to their formation being prohibited in normal mantle compositions (Fig. 2) . Mantle compositions can, however, be expected to be inhomogeneous, especially in regions where pervasive fluid flow and mass transfer operates, i.e., subduction zone settings. It is possible that in subduction zones, hydrothermal fluids could dissolve SiO 2 from some regions and precipitate it in others (Pawley 2000) , resulting in Mg-rich/Si-poor domains conducive to the formation of HGM. Woodland et al. (2018) showed that upon the interaction of volatile-bearing, slab-derived fluids with mantle peridotite of normal composition, F stabilises HGM and permits their formation, even though they are not expected in normal peridotitic compositions. The results of this study suggest that in regions of abundant fluid flow such as found at subduction zones, HGM are not as restricted as they would be in other regions of the mantle. Importantly, the coexistence of enstatite with F-rich HGM (Table 1) indicates that HGM are not restricted to bulk compositions with Mg/Si ratios greater than forsterite. Therefore, HGM may be more volumetrically abundant within the subducting crust and mantle wedge peridotite than previously thought.
HGM may play a further role in the storage of H 2 O and F during subduction of olivine, through humite-type defects located within the olivine structure. Humite lamellae are well known and reported to form at nano-to-microscopic scale within the structure of olivine associated with prograde chlorite harzburgites (e.g., Wirth et al. 2001; Berry et al. 2005; Lopez Sánchez-Vizcaíno et al. 2005; Hermann et al. 2007; Risold et al. 2001; Shen et al. 2014) . Given the modal abundance of olivine within the subducting layer of mantle peridotite, and its stability during subduction, potentially large quantities of F and H 2 O may be released from humite lamellae and become trapped as fluid inclusions within the structure of subducted olivine, to be subducted to and stored in the deeper mantle.
Overall, high F solubility and partition coefficients for F between HGM and aqueous fluid observed in this study reinforce the status of HGM as potentially significant candidates for the storage of H 2 O and F within the upper mantle. Due to the hydrophobic nature of F in hydrothermal systems, it can be expected that subduction zone-derived fluids will likely have low F contents. The increase in D F HGM/fluid values with decreasing fluid salinity shown in Fig. 5 , therefore, suggests that the higher partition coefficients can be considered the normal behaviour in natural systems, and serves to reinforce HGM as potential F sinks in ultramafic material during subduction. HGM may provide a more effective means of transporting F to, and storing it in, the deeper mantle than other accessory phases such as apatite, given that HGM can contain significantly more F within their crystal structure (e.g., apatite F solubility = ~ 3.7 wt% maximum) and their formation is not limited by the availability of low abundance elements such as P. In addition, their wide stability fields in P-T space, increased further by the incorporation of small quantities of F, allow HGM to remain stable beyond conditions where other postulated storage phases, i.e., amphibole and antigorite, break down. Upon the breakdown of these high-pressure hydrous phases, any F that is liberated may then redistribute into HGM through the interaction of fluid with mantle peridotite. Therefore, HGM could significantly increase the amount of H 2 O and F that is transported to the deeper mantle and should be considered in future calculations of mantle volatile content and fluxes.
Conclusions
Phase equilibrium experiments between 800-1000 °C and 2.0-2.5 GPa show that HGM have exceedingly high solubility of F, with F concentrations increasing with fluid salinity. Partition coefficients for F between mineral and fluid are consistently > 1 in HGM, with average partition coefficients (D F min/fl ) of 3 for clinohumite, 2 for humite, 4 for chondrodite, and 4 for norbergite, indicating that fluorine has a preference for the silicate phase. Partition coefficients are independent of temperature or pressure, but decrease with increasing fluid salinity. At the low F expected in fluids of natural systems, HGM show a propensity for the uptake of F. Raman spectroscopy reveals the preferential replacement of a single OH bond during the incorporation of fluorine to form a stabilising OH-F bond. Calculated partition coefficients here may be used to determine the F content of fluids in equilibrium with HGM in natural settings. F-bearing HGM may be able to store and transport appreciable quantities of F, H 2 O, and other volatiles to the deeper mantle both in the subducting slab and overlying mantle wedge and could significantly increase the volatile content of the mantle.
